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Abstract. A two-dimensional dynamical ocean model is coupled to an energy balance
climate model and used to investigate the transient surface temperature and sea level
response to greenhouse gas increases. For most experiments a step function surface-
troposphere heating perturbation of 6 W m™ is applied. A transient reduction in the
thermohaline overturning flux of 15-30% occurs in most experiments, although in some
cases a near-total circulation collapse occurs within the first 100 years and lasts 700-1000
years. The transient circulation decrease is attributed to the greater rate of downward
penetration of the heating anomaly in downwelling rather than in upwelling regions and is
not a result of reduced convection. For experiments in which the steady state circulation is
qualitatively unchanged after a heating perturbation, the surface temperature response is
roughly uniform with latitude, in the absence of ice and snow. However, in some cases a
heating perturbation induces the transition from a one-cell to a two-cell overturning
circulation, or causes a complete reversal in the direction of overturning when a single cell
spans both hemispheres, causing marked latitudinal variations in the surface temperature
response. The e-folding response time scale T, for global mean surface temperature ranges
from 10 to 142 years as the vertical diffusion coefficient K, varies from 1 x 10° m* s to 5

x 10* m? s, but the variation of T, with K, is not uniform due to changes in the transient
circulation response as K, is varied. The one-dimensional upwelling diffusion and pure
diffusion models have a significantly faster surface transient response than the two-
dimensional (2-D) model, due to transient weakening of thermohaline overturning in the 2-
D model, which dampens surface temperature warming. The presence of convection has a
small effect on the transient response. Transient sea level rise is highly sensitive to K,
with faster sea level rise associated with larger K, and hence with slower surface warming.
The steady state ocean warming is approximately uniform with depth and equal to the
global mean surface warming (3°C for 6 W m™ forcing) in most experiments, which
produces a sea level rise of 2 to 3 m due to thermal expansion. The times required to
reach 50% and 75% of the steady state sea level rise are 200-1100 years and 500-2400
years, respectively. However, if the unperturbed circulation consists of a single overturning
cell and a second thermohaline overturning cell develops in response to a heating
perturbation, vertical mean steady state deep ocean warming and associated sea level rise

can be reduced by almost a factor of 10.

Introduction

Because of their ability to absorb and release large
quantities of heat, the oceans exert a significant influence on
the transient surface temperature response to surface-tropo-
sphere heating resulting from the increase of greenhouse
gases. Harvey and Schneider [1985], utilizing a one-dimen-
sional, globally averaged upwelling-diffusion model, investi-
gated the effect of changes in the vertical diffusion coeffi-
cient and upwelling velocity on the transient temperature
response to step function GHG increases and the potential
role of feedback processes between surface temperature
change, the temperature of bottom water formation, the
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vertical diffusion coefficient, and the upwelling velocity.
Among other results, they found that a reduction in the
upwelling velocity as the ocean mixed layer temperature
warms delays the mixed layer warming, while an increase in
upwelling velocity could cause the surface temperature to
initially overshoot its steady state response. Watts [1985]
showed that an externally imposed variation in upwelling
velocity can cause significant surface temperature variations
on a decadal to centuries timescale. Gaffin et al. [1986]
investigated the impact of a nonlinear feedback between
upwelling velocity and surface temperature change in a
globally averaged upwelling-diffusion model and found that,
after a small initial perturbation, the model generated self-
sustained oscillations with a period of about 80 years.
Piehler and Bach [1992] applied this feedback in a coupled,
upwelling-diffusion climate-carbon cycle model. The
Intergovernmental Panel on Climate Change utilized one-
dimensional models in generating scenarios of globally
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averaged surface temperature change associated with
alternative GHG emission pathways [Bretherton et al. 1990].

Coupled, three-dimensional atmosphere-ocean general
circulation models (A/O GCMs) have also been used to
investigate the transient response to GHG increases (recent
studies include those of Schiesinger and Jiang [1988],
Washington and Meehl [1989], Stouffer et al. [1989],
Manabe et al. [1991, 1992], and Manabe and Stouffer,
[1993]. Stouffer et al. [1989] have shown that a reduction in
the intensity of thermohaline overturning in the North
Atlantic Ocean can substantially reduce the high-latitude
temperature response during the initial decades of the
transient response to a GHG increase and that deep oceanic
mixing can substantially délay high-latitude warming in the
southern hemisphere.

However, there is a need for further analysis and diag-
nosis of the role of the ocean in the transient response to
GHG increases. In this paper a two-dimensional (latitude-
depth) ocean model is'coupled to an energy balance climate
model and used tg investigate the impact on the transient
response of changes in, and feedbacks involving, ocean
mixing parameters. In particular, this paper investigates the
latitude-depth evolution of ocean temperature change over
time; the time variation of convective, diffusive, and advect-
ive heat fluxes between the mixed layer and deep ocean; and
the sensitivity of the transient and steady state response to
changes in the vertical diffusion coefficient K,. The transient
response of the two-dimensional model is compared with that
of the one-dimensional model, and reasons for differences
are elucidated. Unlike the one-dimensional upwelling-
diffusion model, in which K, and upwelling velocity w can
be varied independently of one another, a change in K, in the
two-dimensional model induces a change in w which has a
competing effect on the transient response.

The model used here has a single, zonally averaged ocean
basin. For some parameter values the overturning circulation
resembles that of the Atlantic Ocean alone rather than the
globally averaged observations. Thus rather than being a
reliable indicator of the global net effect on the transient
surface temperature response of ocean circulation changes (a
goal which will probably elude even A/O GCMs for some
time), the present study should be regarded as a diagnosis of
the impact of specific ocean circulation changes that could
occur in individual ocean basins, either starting from the
present climate or under different climatic regimes that might
exist in the future or could have existed in the past. Thus the
present model is a tool in sharpening our insight concerning
potential ocean-climate feedback processes which might be
applicable both to prospective future climatic change and to
past climatic fluctuations.

In all of the experiments presented here the latitudinal
patterns of precipitation and zonal surface winds (which
drive shallow overturning cells in the ocean) are fixed. A
poleward shift of middle latitude precipitation is likely to
occur with global warming, and might be expected to lead to
a weakening of the thermohaline circulation. However,
weakening of the thermohaline circulation occurs in the
present model even without a shift of precipitation, so it is
worthwhile, as a first step, to study ocean circulation-climate
feedback for the simplified case of a fixed precipitation
pattern. Furthermore, sensitivity studies, using the model
presented here, indicate that imposing a poleward shift of the
mid-latitude precipitation belt as the climate warms in
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response to an external heating perturbation has negligible
effect on the transient or steady state temperature or circula-
tion response.

Model Description

The ocean model, described in detail by Harvey [1992],
is coupled to the energy balance climate model and sea ice
model of Harvey [1988a, b]. These models are briefly
described below for the readers’ convenience.

Surface Climate and Sea Ice Models

The energy balance climate model has surface-air, land-
sea, and latitudinal resolution, and is forced with diurnally
averaged but seasonally varying insolation. The surface
layer in the oceanic part of each zone consists of an iso-
thermal mixed layer which, here, is assumed to be 75 m
thick between 66°S to 66'N and 100 m thick poleward of
these latitudes. Meridional transport of heat in the atmos-
phere occurs by diffusion.

The latitudinal and seasonal variation of precipitation is
prescribed from observations and scaled so that global
precipitation equals global evaporation on each time step.
Zonally averaged zonal surface winds are also prescribed
from observations and used as an upper boundary condition
to the ocean model. Surface-air fluxes of latent and sensible
heat are computed from bulk aerodynamic formulae with a
stability-dependent drag coefficient.

Vertical growth of sea ice is computed using Semtner’s
[1976] zero-layer model with minor modifications. Growth
of new ice in leads results in a gradual increase of ice extent,
while both vertical and lateral melting occur and lead to a
gradual decrease of ice extent.

Ocean Model

The ocean model consists of a zonally averaged deep,
ocean with a uniform 4000 m depth between latitudes
0,=66'N and ¢¢=66"S. The vertical mixing processes
occurring in the model are (1) vertical diffusion, (2) convec-
tive overturning, (3) thermohaline overturning, and (4) wind
driven overturning. The governing equations are

Horizontal equations of motion
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Here u, v and w are the zonally averaged zonal, meridional
and vertical velocity components; ¢, A, and z are latitude,
longitude, and depth; p is density, r is the Earth’s radius, y
is zonal oceanic fraction, K, and K, are horizontal and
vertical diffusion coefficients, A is the vertical viscosity
coefficient, and ¢“*" represents convective overturning. The
nonlinear equation of state of Friedrich and Levitus [1972]
is used.

In this paper we adopt a simplified geometry with a
continent at all latitudes. The dynamical boundary conditions
applied are: pAu,=T and v,= w = 0 at the upper boundary
(z=2,), and u, = v, = w = 0 at the lower boundary, where ©
is the fixed zonal surface wind stress.

A stream function y is introduced which leads to the
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The component of the zonal pressure gradient due to density
variations, (0P/0)),, is parameterized in terms of the compo-
nent of the meridional pressure gradient due to density
variations, (dP/d9),;, based on Wright and Stocker [1991] as
follows:

(-g—f)i—Zsin(b cos¢ e(%), (®)

with € = 0.25. As shown by Harvey [1992], this leads to the
following diagnostic equations for y for A = O(10*) m* s™:
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where z, is the lower boundary and z, is the upper boundary.
Whenever an unstable potential density profile occurs
between any two layers, convective overturning is assumed
to occur and to establish uniform temperature and salinity
over the unstable depth interval. Based on Gargert [1984],
the vertical diffusion coefficient K, is parameterized in terms

of the local Brunt-Vaisala frequency N as
4

v 2
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The diffusion coefficients for heat and salt are assumed to be
equal, and the vertical viscosity coefficient A is assumed to
be equal to K, (with the constraint A, < 10? m* s™). The
horizontal diffusion coefficient K, is fixed at a value of 1 x
10° m? s below the mixed layer, but is set to O(10*) m® s
within the mixed layer.

An isothermal mixed layer serves as an upper boundary to
the deep ocean domain. The governing equation for mixed
layer temperature, in the absence of sea ice, is
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where C=pc,h is the mixed layer thermal inertia (k=75 m is
the mixed layer depth, p is a fixed water density of 1000 kg
m™> and c, is the specific heat of water), Q" is the solar
energy ﬂux absorbed by the mixed layer, L{ and LT are the
downward and upward infrared radiative fluxes, H and L are
upward sensible and latent heat fluxes, and q,,,, represents
convective heat exchange. The remaining terms of Eq. (12)
represent the effects of diffusion and advection. The compu-
tation of Q°, L{, LT, H and L is explained by Harvey
[1988a].

The governing equation for mixed layer salinity in the
absence of sea ice is
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where g, represents the effect of convection; § is the global
mean surface salinity; and P, R, and E are the precipitation,
runoff, and evaporation rates, respectively. Details concern-
ing the treatment of sea ice can be found by Harvey [1992].

A uniform 4° latitudinal resolution is used, while the
vertical resolution increases gradually from 75 m in the
upper ocean to 400 m at the ocean bottom, giving a total of
45 latitude zones and 20 deep ocean layers (plus the mixed
layer).

Results

This paper begins by examining the model transient
response to a step function, latitudinally uniform surface-
troposphere heating perturbation AQ of 6 W m? which is
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accompanied by an increase in downward infrared radiation
at the land and ocean surface of 1 W m?> This roughly
mimics the heating perturbation that might accompany a CO,
doubling if concurrent increases in other greenhouse gases
are taken into account (see Kiehl and Ramanathan [1982]
with respect to relative heating perturbations at the
tropopause and surface for a CO, increase). The direct effect
of a GHG increase is largely to heat the troposphere, but
because the troposphere and surface are tightly coupled
through radiative and turbulent heat exchanges, tropospheric
warming leads to a concurrent surface heating perturbation,
such that the troposphere and surface tend to respond as a
single system to the net surface-troposphere heating perturba-
tion.

The behavior of the coupled atmosphere-ocean climate
model is initially investigated using a globally uniform ocean
fraction and hemispherically symmetric wind stress forcing
of the mixed layer, and with ice and snow suppressed. Two
sets of experiments are presented, one in which K| is fixed,
and one in which K, is parameterized based on (10).

Fixed K, Case

We begin with a series of experiments, listed in Table 1,
in which K, is fixed at values ranging from 1 x 10° m? s to
5 x 10* m? s™. In the first four experiments the unperturbed
flow field consists of a dominant thermohaline overturning
cell spanning both hemispheres (see Figure 1a), with mean
annual mixed layer temperature at a given latitude up to
10°C warmer in the hemisphere where downwelling occurs
and the mixed layer salinity up to 6%o higher. In the remain-
ing two experiments the unperturbed flow, temperature, and
salinity fields are close to hemispherically symmetric, with
comparable overturning cells filling each hemisphere with
downwelling at high latitudes and upwelling centered at the
equator (Figure 1b). The magnitude of the unperturbed
overturning flux for each experiment is given in Table 1. For
cases with a single cell, the temperature gradient opposes the
overturning and the salinity gradient drives the overturning,
while in the double cell cases, the temperature gradient is the
driving factor and the salinity gradient opposes the circula-
tion.

Global mean thermal response. Figure 2 shows the
globally averaged mixed layer and deep ocean transient
temperature response for all experiments. One measure of the
transient response time scale is the e-folding time, T,, which
is the time required to reach (1 - e') = 0.63 of the steady
state response. For a one-box thermal reservoir, T, arises as

Table 1. Experiments Performed With the Hemispherically
Symmetric Model Version and Fixed K|, as Well as the Nature
and Magnitude of the Unperturbed Thermohaline Circulation (per
Cell) and Surface Temperature e-Folding Response Time T, to a
Step Function External Forcing Change

K, Nature of Peak T,
Experiment m’ s’ Circulation Flux, Sv years
SF1 1x10° Single Cell 21 10
SF2 5x 10° Single Cell 49 18
SF3 7 x 10° Single Cell 59 21.2
SF4 8 x 10° Single Cell 63 20.8
SF5 1x10* Two Cell 44 49
SF6 5x 10" Two Cell 120 142
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Figure 1. Steady state overturning circulation for (a)
experiment SF2 (representative of experiments SF1-SF4) and
(b) experiment SF5 (representative of experiments SF5-SF6)
prior to a GHG increase.

the time constant in the solution to the governing equations,
while for more complex models a variety of time constants
arises [Harvey, 1986; Watts et al, 1994]. Nevertheless, it is
useful to compare the time required to reach a given fraction
of the steady state response for different ocean model
versions, and because T, has been extensively reported by
other workers, it is convenient to use it here. Values of 7, for
the mixed layer are given in Table 1.

There are two systematically changing but competing
effects on the transient response timescale as K, increases: a
tendency for larger K, to give a slower transient response,
and a tendency for the increase in overturning circulation
intensity as K| increases [see Bryan, 1987] to give a faster
transient response. As explained by Harvey and Schneider
[1985], use of stronger but fixed overturning intensity causes
a faster surface transient response because heating anomalies
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Figure 2. Globally averaged (a) mixed layer and (b) deep
ocean temperature response to a step function greenhouse
heating perturbation of 6 W m using fixed K, ranging from
1x10°m?s? to 5 x 10* m® s’

which diffuse into the upper ocean are more rapidly advected
back into the mixed layer when the overturning is stronger.
Here the former effect dominates, such that increasing K,
tends to produce a slower surface transient response (but a
faster deep ocean response). An exception occurs between
experiments SF3 and SF4, in which 7, decreases slightly as
K, is increased. This is followed by a sudden increase in T,
as K, increases between experiments SF4 and SF5, which
coincides with the transition from a one-cell to a two-cell
structure in the unperturbed state.

The reversal in the variation of T, with K, and subsequent
discontinuity are related to differences in the transient
circulation response. As discussed below, the overturning
circulation is not fixed but weakens during the transient in all
experiments, and as explained by Harvey and Schneider
[1985], such a weakening slows the surface transient
response. In the perturbed steady state the overturning
circulation is qualitatively similar to the unperturbed steady
state in all experiments except SF3 and SF4, but is slightly

stronger. In experiments SF3 and SF4, however, the heating
perturbation induces a transition from a predominantly single
cell to a double cell structure. During the transient the main
cell weakens, which tends to slow the transient surface
response, while a new cell develops from an incipient
overturning cell in the opposite hemisphere (seen at latitude
10-40°S in Figure la) and eventually fills the entire
hemisphere. As shown by Harvey and Schneider [1985], an
increase in overturning intensity leads to a faster surface
transient response. This in turn causes the comparatively fast
transient response in SF3 and SF4. In experiment SF5 the
unperturbed circulation already has a two-cell structure and
local transient strengthening of the overturning circulation
does not occur, which explains the large jump in 7,.

It can be seen from Figure 2 that the globally averaged
transient surface temperature response overshoots the steady
state response in experiments SF3 and SF4. This is consistent
with results obtained by Harvey and Schneider [1985] with
a one-dimensional (1-D) model, in which a strengthening of
the overturning circulation during the transient induces an
overshoot of the steady state response.

Figure 3 shows the variation with depth of globally
averaged ocean temperature warming in steady state (except
for experiment SF1, in which steady state had not been
achieved after 10,000 years). The warming is nearly uniform
with depth in all experiments except SF3 and SF4, with a
weak minima centered near the 500 m depth which is caused
by the aforementioned slight steady state strengthening of the
overturning circulation, which leads to an increase in the
upwelling of cold water through most of the ocean basin. In
experiments SF3 and SF4, however, the development of a
second major overturning cell provides a new source of cold
polar water to the deep ocean. Even though the polar regions
warm, the new sinking water remains comparatively cold,
thereby limiting warming of the deep ocean. Indeed, a slight
cooling occurs at some depths in experiment SF3. Mean deep
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Figure 3. Vertical variation of globally averaged ocean
temperature response to a GHG heating perturbation of 6 W
m? for experiments SF1 to SF6. In experiment SF1 a steady
state had not been achieved after 10,000 years.
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ocean warming (Figure 2b) is an order of magnitude smaller
than the global mean surface temperature response (Figure
2a).

Circulation response. The intensity of the main over-
turning cell decreases by 15-30% during the first few
decades of the transient response in all experiments. A
similar transient weakening of overturning is reported by
Stouffer et al. [1989], Washington and Meehl [1989], and
Mikolajewicz et al. [1990]. The decrease in overturning
intensity during the initial transient response implies a
transient reduction in the meridional density gradient. An
initial latitudinally uniform mixed layer warming will cause
a decrease in mixed layer density at low latitudes which is
about 3 times larger than at high latitudes due to the nonlin-
ear dependence of p on temperature. This will increase the
mixed layer vp. However, the reduced mixed layer density
in the high latitude downwelling region will lead to a
reduced meridional vp below the mixed layer as the density
perturbation is advected downward, thereby reducing vP
(=] wpdz) and causing an initial reduction of overturning.
High density surface water at high latitudes is subsequently
advected downward less rapidly, reducing wp below the
mixed layer and further weakening the overturning circula-
tion through a positive feedback. High-latitude convection
also decreases, but the suppression of convection is not a
significant factor in the partial collapse of the overturning
circulation. This is confirmed by the fact that both the
unperturbed circulation and the transient circulation response
are almost identical for cases with and without convection
permitted. Since the partial circulation collapse is dependent
on downward advection of surface density anomalies, the
collapse (and subsequent recovery) occur sooner Wwith
increasing K, (which is associated with more vigorous
circulation).

In experiments SF3 and SF4 the main overturning cell
weakens through the process described above. Since this cell
transports salt from the upwelling (northern) to downwelling
(southern) hemisphere, its weakening leads to a surface
salinity increase at middle latitudes in the upwelling hemi-
sphere. This in turn causes downwelling to develop below
the salinity anomaly. Similar initial transient salinity and
salinity-induced circulation anomalies occur in experiments
SF1 and SF2, but in the case of experiments SF3 and SF4,
the salinity field and associated circulation completely
reorganizes. Figure 4 shows the latitude-depth variation of
the steady state change in oceanic temperature and salinity
for experiment SF3; also shown is the change in stream
function Ay, obtained by subtracting the initial y field from
that obtained using the perturbed temperature field but the
original salinity field; and Ayg, which is based on salinity
changes. The sum Ay, +Ay; differs from the observed Ay by
no more than a few percent. The steady state circulation
change is dominated by the change in salinity field, in
contrast to the first part of the transient, where Ay, domi-
nates the circulation change.

In all experiments except SF3 and SF4 the meridional
overturning intensity increases (by up to 6%) between the
unperturbed and perturbed steady states at middle and high
latitudes but decreases at low latitudes, while total oceanic
meridional heat flux generally changes by less than 2%, as
increased advective heat flux is partly offset by decreased
diffusive heat flux. To gain insight into the factors associated
with these circulation changes, we show in Figure 5 the
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Figure 4. Results for experiment SF3: (a) Steady state deep
ocean temperature change (dashed, 0.5°C contour interval)
and temperature-induced stream function change (solid and
dashed, 10 Sv contour interval); (b) steady state deep ocean
salinity change (solid, 0.5%¢ contour interval) and salinity-
induced stream function change (dashed, 10 Sv contour
interval).

steady state AT and AS fields for experiment SF2, along with
Ay, Ay, the unperturbed flow field, and Ay, +Avy,, which
differs from the observed Ay by no more than a few percent.
The temperature and salinity changes alone produce large but
opposing circulation changes which locally overwhelm the
unperturbed circulation. The net circulation change is a small
residual in SF2, which suggests that the magnitude and
direction of the net change is sensitive to small relative
errors in the temperature- and salinity-change fields.
Comparing the steady state Ay, and Ay fields for
experiments SF3 (Figure 4) and SF2 (Figure 5), we see that,
whether there is little change in the circulation in the new
steady state or a complete reorganization, the temperature
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Figure 5. Results for experiment SF2: (a) Steady state deep ocean temperature change (solid, 0.5°C
contour interval) and temperature-induced stream function change (solid and dashed, 5 Sv contour interval);
(b) steady state deep ocean salinity change (dashed, 0.02%o contour interval) and salinity-induced stream
function change (solid, 5 Sv contour interval); (c¢) unperturbed flow field; and (d) total stream function

change.

and salinity changes alone induce large circulation changes.
The difference is that in one case these perturbations almost
perfectly cancel, whereas in the other case they do not.
Manabe and Bryan [1985] note a slight increase in
thermohaline overturning intensity as their model climate
warms. They attribute this near-constancy to compensation
between greater warming at high latitudes, which would tend
to decrease the overturning intensity, and the nonlinear
nature of the equation of state, such that the thermal expan-
sion of seawater per degree of warming is smaller at low

than at high temperatures, and is thus smaller at high than at
low latitudes. The analysis presented here indicates that
temperature changes alone produce a significant weakening
of the overturning circulation, and that near constancy is a
result of compensation between temperature and salinity-
induced changes. Further analysis of the response in GCMs
seems to be warranted.

When a heating perturbation of 10 W m? is applied, the
response is similar to that obtained using 6 W m?, except
that the transition from a single cell to a two-cell structure is
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induced at a smaller value of K,. The model circulation
regime depends, among other factors, on the value of K, and
absolute ocean temperature. At larger temperatures the
impact of a given temperature gradient on the density
gradient is larger. Since the salinity gradient drives the
circulation in the one-cell regime and the temperature
gradient opposes it, an overall warming can induce a
transition from a one-cell to a two-cell regime if the value of
K, is such that the model is already close to the boundary
between the two regimes. The further the model is from the
boundary (the smaller K,) the larger the temperature warming
needed to induce the transition.

Latitudinal variation in response. Figure 6 shows the
latitudinal variation of atmospheric temperature response for
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experiments SF2 and SF6 (corresponding to K, values of 5
x 10° m? s! and 5 x 10* m® s, respectively). As noted
above, the overturning circulation weakens during the
transient. Since the overturning circulation induces a net
upward heat flux to the mixed layer and a poleward heat flux
to the region of downwelling [see Harvey, 1992, Figure 10b],
a weakening of the overturning circulation leads to a
significantly slower high latitude temperature response in one
hemisphere (one cell case, Figure 6a) or in both hemispheres
(two-cell case, Figure 6b). However, the latitudinal variation
of steady state mixed layer temperature change is almost
identical in these two experiments (and all others except SF3
and SF4), increasing from 2.8°C at the equator to 3.3°C
near the poles, in spite of the very different initial flow and
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Figure 6. Latitude-year variation of atmospheric temperature for (a) experiment SF2 (K, =5 x 10° m*s™")
and (b) SF6 (K, = 5 x 10* m* s™"). The broken lines show responses when the circulation is frozen at the
unperturbed flow during the transient. Note the change in timescale at 100 years.
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temperature fields for the two circulation regimes. In
experiments SF3 and SF4, the development of a second
strong overturning cell in the southern hemisphere (SH)
accelerates the transient warming at middle and high latitudes
in the SH. Since the original, interhemispheric overturning
cell is permanently weakened, steady state warming in the
northern hemisphere is suppressed (to about 1°C at 60°N)
but enhanced in the SH (to about 8°C at 60°S). In sum-
mary, the steady state latitudinal surface temperature change,
in the absence of ice and snow feedback, is close to uniform
with latitude if the circulation is unchanged, and hence is
similar for cases having qualitatively different initial circuia-
tion regimes. Steady state and transient circulation changes,
however, have a significant effect on surface temperature
changes, with local suppression of warming where the
overturning circulation weakens and local enhancement
where the circulation strengthens or where a new overturning
cell develops.

The above mentioned delay in high-latitude warming
occurs in regions where strong downwelling occurs. Manabe
et al. [1991] attributed the delay in surface warming in
regions of downwelling obtained in their model to the larger
effective surface thermal inertia due to downward mixing.
One can assess the relative importance of greater effective
thermal inertia and decreased meridional heat flux in causing
a delay in high-latitude warming here by preventing the
overturning circulation from changing once the GHG
increase is applied. This was done for experiments SF2 and
SF6, and results are compared with the case in which the
circulation is allowed to change in Figure 6. When the
circulation is frozen, a 2°C warming occurs sooner at high
latitudes than at low latitudes as a result of the relatively
shallow (100 m depth) shelf which occurs poleward of the
deep ocean. When the circulation is allowed to weaken the
2°C high-latitude warming is substantially delayed. Later, as
the circulation reintensifies, the difference between frozen
and unfrozen circulation cases decreases. Hence in the
present model, reduced poleward heat flux rather than a
greater effective high-latitude thermal inertia is the dominant
factor in causing slower high-latitude temperature response
to a heating perturbation.

Thermal damping. Figure 7 shows the variation of
globally averaged surface+atmosphere thermal damping for
experiments SF2 and SF6. This consists of (1) the increase
in net radiative emission to space as a result of surface and
atmospheric temperature increases (and associated radiative
feedback processes); and (2) the increase in heat flux from
the ocean mixed layer to the deep ocean. The difference
between the sum of these flux changes and the external
forcing change (6 W m™) gives the rate of change of globally
averaged surface+atmosphere heat content, Because the
mixed layer warms faster than deeper ocean layers, the
downward diffusive heat flux increases and the upward
convective heat flux decreases during the transient. As K,
ocean circulation intensity, and absolute mixed. layer-deep
ocean heat fluxes increase in going from experiments SF2 to
SF6, the peak ocean heat flux damping also increases, from
almost 1/2 the external forcing in experiment SF2 to about
2/3 the external forcing in experiment SF6. This in turn
produces a slower surface transient response as K, increases.

Table 2 compares the individual components of the heat
flux from the mixed layer to the deep ocean for the unper-
turbed steady state for experiments SF2 and SF6, as well as

18,455
7 4_ T T T T T T ] T ] T [ T I T ] T [I' 1
- (a) ]
6 [~ =
]
= S Radiative
z ]
@] L ]
zZ 4 ]
=
s ]
Z§ 3 Total oceanic ]
m . ]
2 Diffusive ]
W 2 Convective ]
o«
>
w
+ ] -
=
(._.
<

o 7 =
- Advective

| .. . 1 1 1 L b by b daidiid

7 [ T T T T T T T T
(b) ]

Total oceanic

*’*'T

s -
§ Radiative ]
z2 4 g
= ]
2 4
< 3 -
a ) ]
&y Convective .
U 4
s 2 7
& J
> ]
w
£ .

Diffusi ]

% Advective ifiusive

0

L L bbbl

1 1 1 | i L 1
1 2 5 10 20 50 100 200

500 2000

Figure 7. Variation of global mean radiative damping and
perturbation in mixed layer-to-deep ocean heat flux for (a)
experiment SF2 (K, = 5 x 10° m* s) and (b) experiment
SF6 (K, =5 x 10* m* s™').

the steady state changes in these fluxes following the
external forcing change. Because the mixed layer warms
more than deeper layers both during the transient and in
steady state, the downward diffusive heat flux increases at all
times. However, the change in net heat flux to the deep
ocean must be zero in steady state, which requires that the
convective and/or advective upward heat fluxes increase in
steady state. Since advection produces a net upward heat
transport, the increase in overturning intensity. leads to
increased upward heat transport, as expected. The small
increase in upward convective heat flux is unexpected, given
the greater warming of the mixed layer than underlying
layers; it is the result of an expansion in the areal extent of
convection by one grid point due to changes in the salinity
field which more than offsets a decrease in convective heat
flux everywhere else.

Role of convection. Figure 8 compares the global mean
mixed layer response for experiments SF2, SF5, and SF6
using model versions with and without convection. The
occurrence of convection increases the time required to reach
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Table 2. Heat Fluxes From the Mixed Layer to Deep Ocean
Averaged Over the Global Ocean for the Unperturbed Steady
State for Experiments SF2 and SF6, and Changes in These Fluxes
in the Perturbed Steady State

Unperturbed Change,
Experiment Flux Value, W m W m?
SF2 Convective -9.52 -0.15
SF2 Diffusive 11.27 0.77
SF2 Advective -1.91 -0.47
SF6 Convective -25.62 -0.05
SF6 Diffusive 30.41 0.29
SF6 Advective -4.79 -0.23

a 1°C global mean warming by 20% for experiment SF2
and by 40% for experiments SF5 and SF6, with a diminish-
ing lag for larger temperature changes. The response at any
given time is up to about 10% greater in the absence of
convection than in its presence. The surface temperature
change in the absence of convection is greater at all times
than in the presence of convection, which implies that the
integrated net radiation and hence global mean deep ocean
warming will be smaller in steady state, which is indeed the
case.

Henderson-Sellers [1987] suggested on the basis of one-
dimensional model results that inclusion of convective
mixing would reduce the warming after a given time by up
to a factor of 3 compared to the case without convection.
The impact of convection obtained here is substantially
smaller than obtained by Henderson-Sellers [1987] for two
reasons: First, convection transports heat upward to the
mixed layer, and a reduction in convection as the mixed
layer warms reduces this upward heat transport, thereby
having a damping effect on mixed layer temperature
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Figure 8. Global mean mixed layer temperature response
for experiments SF2, SF5, and SF6 for model versions with
(solid lines) and without (dashed lines) convection.
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response. However, the transient weakening of the overturn-
ing circulation, discussed above, is less pronounced when
convection is present than in its absence. Since the transient
circulation weakening also has a damping effect on mixed
layer temperature response, a smaller weakening of the
circulation partly counteracts the direct damping effect of
weaker convection. Second, convection tends to occur in
regions where strong downwelling (10> m yr' and larger)
also occurs, so that even in the absence of convection,
thermal anomalies penetrate deeply. Henderson-Sellers
[1987], on the other hand, assessed the impact of convection
in a box-diffusion model which lacked advective mixing.

Comparison With 1-D Models

To determine the ability of the one-dimensional upwell-
ing-diffusion model to mimic the results of the two-dimen-
sional (2-D) model, the vertical variation of upwelling
velocity (averaged over the upwelling region) obtained by the
two-dimensional model for each experiment, along with the
corresponding value of K,, was used in the one-dimensional
model of Harvey and Schneider [1985]. Three versions of
the 1-D model are considered: an upwelling-diffusion version
in which the temperature at which bottom water forms in
polar regions is fixed as global mean mixed layer tempera-
ture increases (UD,); an upwelling-diffusion version in which
the temperature of bottom water formation is assumed to
warm at the same rate as the global mean mixed layer (UD,);
and a pure-diffusion version, obtained by setting the upwell-
ing velocity to zero (PD). Both the PD and UD,; models
produce a steady state deep ocean warming which is uniform
with depth and thus is similar to that obtained with the 2-D
model for all experiments except SF3 and SF4, whereas the
UD, deep ocean warming decreases exponentially with depth
and roughly matches that obtained in experiments SF3 and
SF4. As discussed by Harvey and Schneider [1985], the
surface transient response of the 1-D model is fastest for the
UD, version because the integrated deep ocean warming is
smallest, and is slowest for the UD, version, in which
surface warming is immediately transmitted to the ocean
bottom through the implicit polar downwelling. Two versions
of the 2-D model are considered: the base case version, and
a version in which convection is turned off.

Table 3 compares e-folding times for experiments SF1,
SF2, SF5, and SF6. In every case the transient response of
all three 1-D models is substantially faster than that of the
corresponding 2-D model. This is also true in every case
except one when convection iS omitted (suppression of
Ekman overturning cells has a negligible effect on the
transient response). Representative results are given in Figure

Table 3. Comparison of Atmospheric Global Mean e-Folding
Response Times 7, for Alternative Versions of the One-Dimen-
sional and Two-Dimensional Ocean Model

2-D Model 1-D Model
Experiment ~ Base No Convection UD, UD, PD
SF1 8.6 6.0 3 3 3
SF2 16 12.5 6 8 7
SF5 34 25 9 18 11
SF6 140 100 28 123 44
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9, which compares the globally averaged (land+ocean)
atmospheric temperature response of the 1-D and 2-D models
for experiment SF5 (K, = 1 x 10* m® s').

The differences between the 1-D and 2-D models are a
result of the transient weakening of the overturning circula-
tion which occurs in the 2-D model, and the effect this has
on advective damping. The overturning circulation heats the
mixed layer, since downwelling water is colder than upwell-
ing water. During the transient the water leaving the mixed
layer warms more than the subsurface water which is
advected back into the mixed layer, which reduces advective
heating of the mixed layer in both the 2-D and UD, models.
However, this damping effect is weak. A stronger damping
occurs in the 2-D model but not in the 1-D model through
the transient weakening of the overturning circulation. In
UD, the temperature at which water leaves the mixed layer
is constant, while the upwelling water warms, such that
absolute advective heating steadily increases during the
transient to an extra 1.2 W m? in steady state, giving the
fastest 1-D model transient response. The development of a
second strong overturning cell in experiments SF3 and SF4,
and the associated transient heating effect, does not become
important until after 100 years, whereas the weakening of the
original overturning cell and the associated cooling effect
begins immediately. For this reason the 1-D models are
initially faster than the 2-D model even in experiments SF3
and SF4.

Figure 10 compares the deep ocean temperature changes
at years 100, 500, and 3000 for the UD, and PD models with
that of the 2-D model for experiment SF5. The differences
between the UD, and 2-D model warming profiles are
largely a result of the transient weakening of thermohaline
overturning (by about 25%) in the 2-D model. As advection
weakens, the warming anomaly penetrates more deeply into
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Figure 9. Globally averaged mixed layer temperature
response for the 2-D ocean model using fixed K, with and
without convection and for the PD, UD,, and UD, versions
of the 1-D model (see text for definitions). Results are given
for K, =1 x 10* m* s (experiment SF5).
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after a step function GHG increase for experiment SF5 (K,
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profiles using the 1-D PD and UD, ocean models, respective-

ly.

the upper ocean as a result of diffusion, giving greater upper
ocean warming in the 2-D model than in UD,, while at the
same time the warming at high latitudes is carried to abyssal
depths less rapidly, giving smaller deep ocean warming. The
transient deep ocean warming profile obtained with the 2-D
model, as well as the transient surface temperature response,
can be closely replicated with the 1-D model if the overall
pattern of transient upwelling changes occurring in the 2-D
model is imposed in the 1-D model.

The PD 1-D model has been extensively used in estimat-
ing the effect of the oceans in delaying the global mean
warming due to GHG increases [i.e. Wigley and Raper,
1990]. As noted above, the PD model response is significant-
ly faster than that of the 2-D model. The realized warming
20 years after a step function GHG increase using the PD
model ranges from 5% greater than that of the 2-D model for
small K, (experiment SF1) to 40% greater for large K,
(experiment SF6). The UD, version of the 1-D model comes
closest to replicating the surface transient response of the 2-
D model obtained here, even in experiments SF3 and SF4.

Variable K, Case

In the second set of experiments, K, is parameterized
using (10) with A, ranging from 1 x 107 m*>s? to 5 x 107 m?
s?. This parameterization produces K, values ranging from
0.15-0.20 cm® s™! near the surface at low latitudes, to 8-150
cm’ s near the ocean bottom and up to an upper limit of 10*
cm’ s where convective overturning occurs. In order to
investigate a wide range of dynamical responses to GHG
increases, experiments are performed for heating perturba-
tions AQ of 6 W m™ and 10 W m™ using (1) latitudinally
uniform precipitation, (2) hemispherically symmetric
precipitation, and (3) the observed precipitation pattern.
Table 4 lists the set of experiments performed. Although the
first two precipitation assumptions are not realistic, they can
be justified on the grounds that, first, the model contains
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Table 4. Experiments Performed With the Hemispherically
Symmetric Model Version and Parameterized K, as Well as the
Nature and Magnitude of the Unperturbed Thermohaline Circula-
tion (per Cell)

Nature of Peak
Experiment A, m*s? Circulation Flux, Sv
With Uniform Precipitation
SVU1 1.5 x 107 One-cell 41
SVU2 2.0 x 107 One-cell 49
SVU3 2.5 x 107 One-cell 57
SVu4 3.0 x 107 One-cell 64
SVUs 4.0 x 107 One-cell 74
With Hemispherically Symmetric Precipitation
SVS1 1.0 x 107 One-cell 38
SVS2 2.0 x 107 One-cell 56
Svs3 3.0 x 107 One-cell 70
SVS4 4.0 x 107 Two-cell 55
With Observed Precipitation
SVOol1 1.0 x 107 One-cell 38
SVO2 2.0 x 107 One-cell 50
SVO3 3.0 x 107 One-cell 56
SVo4 4.0 x 107 Two-cell 63
SVO5 5.0 x 107 Two-cell 72

many other idealizations that may constrain the qualitative
nature of its response to heating perturbations for a given
precipitation field; second, comparison of results using three
dramatically different precipitation patterns allows determina-
tion of those results which are independent of, or dependent
on, the precipitation pattern; and third, insights can be gained
in analyzing a wide range of responses that could very well
be helpful in analyzing the behaviour of the present ocean
model when coupled to an atmospheric model in which
precipitation is freely predicted or in analyzing the behavior
of coupled A/O GCMs. This modeling philosophy is
vindicated by the insight into the two-dimensional model
response with fixed K|, particularly experiments SF3 and
SF4, afforded by the idealistic experiments performed by
Harvey and Schneider [1985] with a one-dimensional model,
as discussed in the preceding section.

With uniform precipitation, the unperturbed circulation
consists of a single overturning cell spanning both hemi-
spheres for all experiments, which resembles the circulation
in the Atlantic Ocean. With either observed or hemispheric-
ally symmetric precipitation, a single overturning cell which
spans both hemispheres also occurs for Ay =1 -3 x 107 m?
s?, but roughly symmetric overturning cells, one in each
hemisphere, occur for Ay = 4-5 x 107 m* s,

Figure 11 shows the variation of overturning intensity for
AQ =6 W m” (solid lines) for all experiments using all three
precipitation fields, and for AQ = 10 W m? (dashed lines)
for selected experiments (all intensities have been normalized
to a value of 1.0 at year 0). For all precipitation fields, a step
function GHG increase induces a transient circulation
weakening, with the weakening being greater and its duration
longer with smaller A,. The circulation weakening is only
weakly or not at all dependent on the magnitude of the
heating perturbation for the range of perturbations considered
here. With uniform precipitation the circulation weakens by
about 80% during the first 100 years of the transient using
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Figure 11. Variation of maximum stream function value
following a step function GHG heating perturbation of 6 W
m? (solid curves) or 10 W m™ (dashed curves) for paramet-
erized K, using (a) uniform precipitation, (b) hemispherically
symmetric precipitation, and (c) observed precipitation.
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small A,. This is followed by a pulse of intense overturning
of 100 to 200 years duration beginning 500 to 800 years
after the GHG perturbation.

Using either symmetric or observed precipitation patterns,
a reduction in the overturning intensity of 45-55% occurs for
AQ = 6 W m™ and 45-65% occurs for AQ = 10 W m” during
the first 100 years of the transient response. This weakening
is larger than the weakening using fixed K, (15-30%) and
could be related to the fact that K, in the upper ocean
decreases during the early transient by about 20% when K,
is stability-dependent. The single overturning cell which
occurs in the unperturbed steady state for experiments SVS1
and SVS2 (which use symmetric precipitation) is
reestablished in the new steady state for AQ = 6 W m™, but
for AQ = 10 W m™, the circulation which emerges after the
transient collapse rotates in the opposite sense to the initial
overturning cell. This circulation reversal does not occur if
the observed, asymmetric precipitation pattern is used. In
experiment SVS3, the unperturbed circulation also consists
of a single overturning cell spanning both hemispheres, but
the circulation that emerges after the transient collapse
consists of two roughly symmetric overturning cells, one in
each hemisphere. This response, which occurs using either a
symmetric or observed precipitation pattern, is similar to the
response in experiments SF3 and SF4, discussed above. The
model state in experiment SVS3 is sufficiently far from the
boundary between one- and two-cell circulation regimes that
AQ = 6 W m? is not sufficient to induce the transition,
whereas in experiment SVO3 (using the observed precipita-
tion field) the model state is such that either perturbation is
sufficient to induce the transition.

These circulation changes result in dramatically different
variations of steady state surface temperature response with
latitude, as illustrated in Figure 12. In cases in which there
is no qualitative difference in the steady state circulation
pattern before and after the heating perturbation, the surface
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Figure 12. Latitudinal variation of steady state, zonally
averaged surface temperature response for selected experi-
ments. The suffix indicates whether a 6 W m? (.Q6) or 10 W
m? (.Q10) heating perturbation was applied.
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Figure 13. Globally averaged mixed layer temperature

response to a step function GHG heating perturbation of 6 W
m? for parameterized K, using (a) latitudinally uniform
precipitation and (b) observed precipitation.

transient response is relatively uniform with latitude (as
illustrated by cases SV0O3.Q6 and SV04.Q10; the suffix in
the preceding designator indicates the heating perturbation).
The transition from a single cell to a double cell overturning
pattern depresses the warming at high latitudes in the
hemisphere where downwelling had exclusively occurred and
enhances the warming at high latitudes in the hemisphere
where a new cell is established (cases SVS3.Q6 and SVO3.-
Q10 in Figure 12). The latitudinal variation of steady state
response is even more marked if a complete reversal in
overturning occurs (case SVS2.Q10 in Figure 12). Note that,
because the transition to a two-cell structure occurs between
AQ =6 Wm?and AQ = 10 W m? for case SVO3, the
regional response to increasing AQ is highly nonlinear: at
60°N the steady state response to an increase in AQ from 6
W m? to 10 W m? is less than 1°C, whereas at 60°S the
response is greater than 6°C.
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Figure 13 shows the transient mixed layer temperature
response for selected experiments, while Figure 14 shows the
latitude-time variation of atmospheric temperature response
for experiments SVU2.Q6 and SVO3.Q10. The near collapse
of the overturning circulation during the first few decades of
the transient response in experiment SVU1-SVU3 reduces
both the meridional heat flux to the sinking region and global
mean advective heating of the mixed layer. This causes the
initial global mean surface warming to be followed by
decreasing or constant surface temperature between years 20-
100 of the transient response (Figure 13a) and causes initial
warming of 1.5°C at high NH latitudes to be replaced by an
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absolute cooling in excess of 1.5°C by year 100 (Figure
14a). The subsequent intensification of overturning leads to
a globally averaged heat flux from the deep ocean to the
mixed layer which peaks at 1 W m? causing renewed
surface warming (and concurrent cooling of the deep ocean)
to values in excess of the steady state response at high
latitudes. The vigorous lateral mixing associated with the
intense overturning eventually reduces meridional density
gradients, leading to a reduction of overturning and net heat
flux to the mixed layer and a relaxation of surface tempera-
ture back to the steady state response. In experiment SVO3.-
Q10 a circulation reorganization and local regional overshoot
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Figure 14. Latitude-year variation of atmospheric temperature response for (a) experiment SVU2 (uniform
precipitation with AQ = 6 W m?) and (b) experiment SVO3.Q10 (observed precipatation with AQ = 10 W

m?).
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of the steady state response do not occur until 4000 years
after the heating perturbation (see Figure 14b), which
illustrates the very long time lags that can be associated with
the model response to an external forcing change.

Figure 13b indicates that the surface transient response is
substantially slower for experiments SVO4 and SVOS, both
of which have two overturning cells in the unperturbed state,
than for experiments SVO1-SVO3, all which have one
overturning cell. The resultant discontinuity in T, (which
jumps from 11 years in experiment SVO3 to 22 years in
experiment SVO4) is similar to the discontinuity seen with
fixed K,, between experiments SF4 and SF5. However, the
causal factors are different. Experiments in which the
overturning circulation is frozen during the transient response
indicate that the slow response for the two-cell cases is
largely due to the fact that the initial weakening of the
overturning circulation is greater with a two-cell regime than
with a one-cell regime (see Figure 11c¢).

Although the uniform precipitation field used in experi-
ments SVU1 to SVUS is unrealistic, the extreme circulation
response obtained with small A, could occur with more
realistic fields in more highly resolved models, in which, for
example, changes in net atmospheric freshwater flow
between the Atlantic and Pacific basins can occur. Experi-
ments SVU1 to SVU3 can be regarded as an analog for cases
where a near total transient circulation collapse occurs and
demonstrate the potential for regional reversals in the
transient temperature response and overshoots of the steady
state response if large enough ocean circulation changes
occur. Furthermore, because these experiments represent an
extreme response, their analysis yields a number of insights
into the dynamics of the model behavior, as discussed below.
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First, the near total circulation collapse in experiments
SVU1-SVU3 causes the greatest transient warming in the
global mean to occur several hundred meters below the
mixed layer. This is illustrated in Figure 15 for experiment
SVU2.Q6, where the warming at the 500 m depth is twice
the global mean surface warming by year 600. Later, when
the circulation reintensifies, heat is transferred back to the
mixed layer and transient cooling occurs in the upper ocean.

Second, a comparison of experiments SVU3 (having high-
latitude cooling) and SVU4 (lacking high-latitude cooling)
indicates that high-latitude cooling is not compensated by
faster low latitude warming. Inasmuch as the transient high-
latitude cooling seen in experiments SVU1 to SVU3 is a
result of reduced meridional heat advection, one might
expect faster low-latitude warming for cases with high-
latitude cooling than for cases without. However, the main
heat redistribution is vertical instead of horizontal, as is
evident from the occurrence of maximum transient deep
ocean warming at 500 m depth (Figure 15). »

Third, as discussed in the previous section, the initial
partial circulation collapse following a GHG increase is a
result of a positive feedback between the circulation and
density anomalies. One might therefore expect the transient
high-latitude mixed layer cooling in the downwelling region
to reverse the circulation collapse in experiments SVUI1-
SVU3. However, comparison of Figures 1la and 14a
indicates that the circulation continues to weaken after high-
latitude cooling occurs. Examination of the Ay, and Ay
fields for year 100 indicates that temperature changes alone
induce a vigorous overturning cell at high latitudes, with
upwelling next to the boundary, which opposes the unper-
turbed circulation. This induced cell is twice as strong as the
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Figure 15. Globally averaged deep ocean temperature change profile at 50, 100, 200, 400, 600, 800, 1000,
and 2000 years after a step function GHG increase for experiment SVU2.
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unperturbed overturning. However, the salinity changes
induce an overturning cell which reinforces the unperturbed
circulation. Thus neither the AT nor AS field alone leads to
an overall weakening of the circulation. Instead, both, acting
individually, serve to intensify the local circulation but in
opposite senses, and it is only their combined effect which
leads to a collapsed circulation.

Finally, the circulation collapse obtained with small A, is
similar to that obtained by Manabe and Stouffer [1993] for
a CO, quadrupling using an A/O GCM with realistic land-
ocean geography. The results obtained here suggest that the
occurrence of a near-total circulation collapse is dependent
on the value of K, (through Ay), and is eventually followed
by a sudden reinvigoration of the thermohaline overturning
(Manabe and Stouffer ended their simulation after 500 years,
whereas reinvigoration occurs here after 500-800 years).

Sensitivity to Rate of GHG Increase

In all of the preceding experiments a step function GHG
heating perturbation was applied, and in every case a partial
to near-total transient collapse of the thermohaline overturn-
ing occurred. This collapse is attributed to the greater rate of
downward penetration of the thermal anomaly in downwell-
ing than in upwelling regions, such that the meridional
density gradient in the upper ocean is reduced. If the GHG
heating perturbation is gradually applied one can expect a
transient weakening of the thermohaline circulation to still
occur if the timescale over which the heating perturbation is
applied is shorter than the timescale for complete mixing of
thermal anomalies (several thousand years), but the magni-
tude of the collapse should decrease as the rate of warming
decreases. This is confirmed by Figure 16, which compares
the variation in overturning intensity for experiment SVU2
for cases in which the heating perturbation increases linearly
to a value of 6 W m? heating perturbation over periods of

TO GREEENHOUSE GAS INCREASES

1000, 2000, 5000, and 10,000 years. Even when the pertur-
bation is smoothly increased over a 10,000 period there is a
slight (6% at year 3000) transient weakening of the circula-
tion. At the other extreme, implementation of the perturba-
tion over a 200-year timescale, comparable to that associated
with the anthropogenic GHG increase, simply delays the
pattern of temperature change seen in Figure 14 by about
200 years, with negligible impact on the magnitude of the
transient heating or cooling extremes.

The results presented here thus indicate that at geological
timescales of 10° to 10* years, the impact of changes in
surface climate on the deep ocean circulation during the
transition from one climate to another depends on the rate of
climatic change. Current anthropogenic heating perturbations,
in contrast, are rapid compared to the ocean mixing
timescale, so that the transient deep ocean circulation
response is the same whether a step function or gradual GHG
increase is applied.

Sea Level Response

Figure 17 shows the increase of sea level due to thermal
expansion for the SF and SVO series of experiments. As the
vertical diffusion coefficient K, is increased in experiments
SF1 to SF6 the initial surface transient response becomes
progressively slower but thesdeep ocean response becomes
faster as a result of faster heat uptake by the oceans (Figure
2). This implies that, to the extent that smaller transient
warming over the coming decades is a result of greater ocean
heat uptake rather than a smaller GHG heating perturbation
or smaller climate sensitivity, a smaller realized warming
will be associated with a faster sea level rise. By year 200,
sea level rise is 4 times larger for SF6 than for SF1 while
surface warming is only one quarter smaller (Figure 2a). The
greater sensitivity of transient sea level rise than surface
warming to K, (and hence to rate of ocean heat uptake)
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Figure 16. Variation of maximum stream function value for experiment SVU2 when a heating perturbation
is linearly increased to a value of 6 W m™ over periods ranging from 1000 to 10,000 years.
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Figure 17. Sea level rise following a 6 W m™ step function
heating perturbation for (a) experiments SF1 to SF6 and (b)
experiments SVO1 to SVO4 for a heating perturbation of 6
W m? (solid lines) or 10 W m? (dashed lines).

arises because the relative difference in transient warming
between SF1 and SF6 increases with increasing depth. Thus
relatively small differences in the transient surface tempera-
ture response due to differences in ocean mixing can be
associated with large differences in transient sea level rise.

Experiments SF3 and SF4 (Figure 17a) and SV03.Q10
(Figure 17b) represent departures from the correlation
between surface temperature transient response and sea level
rise established by the other experiments. In all three cases,
a second overturning cell develops during the transient. This
simultaneously accelerates the surface temperature response
and suppresses deep ocean warming, so that limited sea level
rise is associated with a relatively rapid surface transient
response. Indeed, sea level falls during the later part of the
transient response.

Table 5 gives the steady state sea level rise for experi-
ments SF2, SF5, and SF6, as well as the times required to
reach 50% and 75% of the steady state rise. If the circulation
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is qualitatively unchanged after a warming, an eventual sea
level rise of 2 to 3 m occurs and depends only weakly on the
value of K, because the steady state temperature change
profile is largely unaffected by changes in K|. This rise is
entirely due to thermal expansion and is in addition to sea
level rise that might occur in reality due to melting or
calving of glaciers and ice sheets. The timescale for sea level
rise is substantially longer than the surface temperature
response timescale, ranging from about 200 to 1100 years for
50% response, and from about 400 to 2400 years for a 75%
response (and even longer for experiment SF1, which was
not run to steady state).

The steady state sea level rise in experiment SF6 is
greater than that in experiment SF5. (Figure 17a) in spite of
the fact that the global mean ocean warming is greater in
experiment SF5 (Figure 2b). Howevet, the warming in the
upper ocean is greater in experiment SF6 (Figure 3) and,
because the thermal expansion coefficient is larger at warmer
temperatures, this leads to a greater sea level rise than in
experiment SF5 in spite of the smaller mean ocean warming.
Hence the correlation between sea level rise and ocean
warming is imperfect because sea level rise is most influ-
enced by the warming in the upper ocean, and different
experiments with similar mean warming can have different
vertical warming profiles.

The steady state sea level rise and response timescales
obtained here are, in most cases, substantially larger than
obtained by Mikolajewicz et al. [1990] using the Hamburg
geostrophic ocean general circulation model. For a mean
ocean surface warming of 4°C, they obtain a steady state
sea level rise of 0.51 m, with 50% and 75% responses
obtained after 80 and 210 years, respectively. These differ-
ences imply that the steady state ocean temperature warming
decreases with increasing depth in their model, unlike the
near-uniform warming obtained here. Manabe and Bryan
[1985], in contrast, observe that the steady state deep ocean
warming after a CO, increase in their coupled A/O GCM is
significantly larger than the mean surface warming. Since
their surface climate sensitivity is comparable to that
obtained here, this pattern implies an even larger sea level
rise than obtained here. Until the likely variation of ocean
warming with depth can be constrained, a large uncertainty
will remain concerning the ultimate sea level rise due to
thermal expansion associated with a given surface warming.

In summary, the key results obtained here are (1) the rate
of sea level rise varies inversely with the rate of surface
warming; (2) the response time constant is of the order of
10* - 10* years; (3) an eventual rise due to thermal expansion
alone of 2-3 m occurs in response to a 6 W m™ heating

Table 5. Steady State Sea Level Rise and Times Required to
Reach 50% and 75% of the Steady State Rise for Selected
Experiments

Response Times, years

Experiment Sea Level Rise, m 50% 75%
SF2 23 1060 2380
SF5 24 560 1280
SF6 29 230 440
SF3 0.3 --- -
SF4 0.4 --- ---
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perturbation; (4) the sea level rise is most influenced by the
warming in the upper ocean, where the thermal expansion
coefficient is largest; (5) the response can vary nonlinearly
with the heating perturbation; and (6) an initial sea level
increase can be followed by falling sea level if a new
overturning cell, which adds cold water to the deep ocean,
develops.

Impact of Ice and Snow Feedback

Introduction of ice and snow causes the atmospheric
temperature response to external forcing changes to be
locally amplified by about a factor of 2 relative to the global
mean response but suppresses the mixed layer temperature
response poleward of the ice limits that exist in the new
steady state. This has only a minor effect on t,. The deep
ocean temperature change is largely governed by the
temperature change in downwelling regions, which occur
equatorward of the ice edge. As ice retreats the downwelling
zone shifts poleward but mixed layer warming in the region
which becomes ice-free is not suppressed. As a result, the
profile of deep ocean temperature change, and the associated
sea level rise, is unaffected by the presence of sea ice.

Discussion and Conclusions

This paper presents and analyzes the transient temperature
and sea level response of a two-dimensional (latitude-depth)
ocean model which is coupled to an energy balance surface-
atmosphere climate model. Most of the experiments pres-
ented here involved application of a step function greenhouse
gas (GHG) surface-troposphere heating perturbation of 6 W
m™. Because the models used here are highly simplified, the
ocean model in particular consisting of a single zonally
averaged basin and forced by fixed wind stress and a fixed
precipitation pattern, great confidence cannot be placed in the
quantitative results obtained here. Rather, the focus of the
present investigation is to gain further insight into a range of
possible transient response behaviors and to compare the 2-D
model with the widely used one-dimensional upwelling-
diffusion and box diffusion models.

The key findings of the present study are as follows:

1. A weakening of the thermohaline circulation occurs
during the first 100 years of the transient response to a step
function GHG increase in all cases examined here, the
weakening being a result of greater downward penetration of
the warming anomaly in downwelling than in upwelling
regions rather than a result of reduced convection.

2. Applying the GHG increase over a period of several
hundred years delays but does not reduce the magnitude of
the circulation collapse.

3. The transient weakening of the thermohaline circulation
substantially slows surface warming at high latitudes in the
hemisphere(s) where sinking occurs as a result of the
associated reduction in meridional heat transport. The
transient circulation weakening also slows the global mean
surface response, as additional heat is able to diffuse into the
deep ocean.

4. A temperature warming can induce a transition from a
one-cell to a two-cell overturning regime if the model is
close to the boundary between these regimes. In this case the
development of a second overturning cell accelerates the
surface transient temperature response and leads to a greater
high-latitude response in the latitude where the new cell
develops.
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5. In some cases, involving sufficiently small (but realis-
tic), stability-dependent K, and latitudinally uniform ocean
fraction and precipitation, the unperturbed circulation consists
of a single overturning cell spanning both hemispheres and
the transient circulation collapse is large enough to induce
temporary cooling at high latitudes in the hemisphere where
sinking occurred. During this period the largest warming (up
to twice the concurrent globally averaged surface response)
occurs at a depth of 400-800 m in the ocean. This is
followed by a sudden reintensification of the circulation after
700-1000 years which transfers heat from the deep ocean to
surface, causing the high-latitude surface temperature change
in both hemispheres to overshoot its steady state response by
up to 50% before relaxing to the steady state response.

6. The e-folding timescale 7, for the global mean surface
temperature response ranges from 10 years with K fixed at
1 x 10° m? s to 142 years for K, fixed at 5 x 10* m s™.
However, T, decreases and then abruptly increases as K,
increases from 5 x 10° m* s to 1 x 10* m? s due to
differences in the circulation response.

7. The transient surface response of both the 1-D upwell-
ing-diffusion model and the pure diffusion ocean model is
significantly faster than that of the 2-D model, due to the
transient weakening of overturning circulation which occurs
in the 2-D model. The 1-D model can be made to replicate
the transient response of the 2-D if the transient circulation
weakening from the 2-D model is imposed in the 1-D model.

8. The occurrence of convection has a substantially
smaller effect on the transient surface temperature response
than expected based on 1-D model simulations. This is
attributed to the fact that the transient weakening of the
overturning circulation is smaller in the presence of convec-
tion and to the fact that convection occurs where strong
downwelling also occurs, so that thermal anomalies are
mixed deeply for model versions with and without convec-
tion permitted.

9. The transient sea level rise due to thermal expansion is
significantly more sensitive to changes in the vertical
diffusion coefficient K, than is the transient surface tempera-
ture response. As K, increases from 1 x 10° m s™ to 5 x 10*
m s, the sea level rise 200 years after applying a step
function GHG increase quadruples while the surface tempera-
ture response decreases by only one quarter. Thus relatively
small differences in the surface temperature transient
response due to differences in ocean mixing can be associ-
ated with large differences in the transient sea level rise,

10. The steady state ocean warming obtained here is
approximately uniform with depth and equal to the surface
warming (3°C for a 6 W m? perturbation) for experiments
in which the circulation is qualitatively unchanged. However,
if a second overturning cell develops, the warming decreases
sharply with increasing depth due to the additional source of
relatively cold water to the deep ocean.

11. In cases where the ocean warming is roughly uniform
with depth, sea level rises 2 to 3 m due to thermal expansion
alone in response to a 6 W m™ heating perturbation. How-
ever, the timescale for sea level rise is significantly longer
than the timescale for surface temperature response, with the
time required to reach 50% of the steady state rise ranging
from 200 to 1100 years and the time to reach 75% of the
steady state response ranging from 500 to several thousand
years.

12. When ice and snow cover are permitted at high lati-
tudes, the high-latitude atmospheric temperature response is
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amplified (due primarily to thinning of sea ice) but the mixed
layer temperature response in regions where bottom water
forms prior to the GHG perturbation (which are ice-free) is
not amplified. Hence the presence of sea ice has negligible
effect on the deep ocean warming and associated sea level
rise.

The near-total circulation collapse obtained here with
small, stability-dependent K, is similar to that obtained by
Manabe and Stouffer [1993] for CO, quadrupling using an
A/O GCM. The sensitivity experiments presented here may
provide important insights into the- GCM results, in that they
suggest that the circulation collapse is dependent on the
value of K, and is eventually followed by a sudden
reinvigoration of thermohaline overturning. Manabe and
Stouffer [1993] extended their integration for 500 years,
whereas reinvigoration of the circulation occurs here after
500-800 years.

The climate-circulation feedback obtained here is not
consistent with that hypothesized by Gaffin et al. [1986] and
utilized by Piehler and Bach [1992]. They assume that the
upwelling velocity initially increases as climate warms,
whereas here, the upwelling velocity decreases with warming
as the overall circulation intensity weakens. However, the
initial upwelling increase postulated by Gaffin et al. [1986]
is assumed to represent the effect of a strengthened Hadley
circulation and associated Ekman-induced upwelling, a
feedback which is omitted from the present model. Whether
this hypothesized feedback can temporarily over-ride the
substantial weakening of the thermohaline overturning
obtained here and result in a net deep-ocean-to-surface heat
flux during the early transient requires study with a fully
interactive atmosphere-ocean model. A two-dimensional
statistical-dynamical atmospheric model with an interactive
hydrological cycle and internally predicted, zonally averaged
winds is currently under development (L. D. D. Harvey, A
two-dimensional zonally averaged atmosphere-land surface
model for longterm climate simulations, manuscript in
preparation) and will be applied to this question in a future
study.

The results obtained here might have implications for the
dynamics of warming during glacial-interglacial oscillations
and for the Younger Dryas. oscillation which occurred at the
end of the last ice age. A partial to near total transient
collapse of the thermohaline overturning is a persistent
feature of warming which occurs faster than the ocean
mixing timescale, and could therefore occur in reality even
without a meltwater pulse (which has been widely invoked
to explain a North Atlantic circulation collapse inferred to
have occurred during the Younger Dryas, as discussed by
Harvey [1989] or poleward shift of the baroclinic precipita-
tion belt. Such collapse can induce middle to high-latitude
cooling of several centuries duration, which is comparable to
the timescale of the Younger Dryas, while the rest of the
planet and deep ocean continue to warm. If circulation
collapses are driven by warming itself rather than by changes
in freshwater inputs, this could explain the absence of a
circulation collapse during the post-Younger Dryas meltwater
pulse into the North Atlantic [see Teller, 1990].

A number of studies suggest that much of the bottom
water in the world ocean originates as surface water whose
density is increased through a combination of surface
cooling, net evaporation, and brine ejection in regions of net
sea ice formation [Smith, 1975; Killworth, 1977; Foster et al,
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1987]. These dense waters sink down continental slopes as
boundary layer plumes, a process not included in global
ocean GCMSs nor in the present model. Because polar
boundary layer plumes provide a mechanism by which
surface waters in regions of sea ice cover can be transmitted
to the deep ocean, and because the temperature of this source
water is closely tied to the freezing point of sea water, their
incorporation in global models might result in a deep ocean
warming which is substantially smaller than the global mean
mixed layer warming as long as sea ice still occurs in the
source regions for the plumes. This possibility was discussed
by Harvey and Schneider [1985] and will be investigated in
a future study in which a simple polar plume model will be
added to the present model.
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